A conceptual model of ocean heat uptake is developed as a multilayer generalization of Gnanadesikan. The roles of Southern Ocean Ekman and eddy transports, North Atlantic Deep Water (NADW) formation, and diapycnal mixing in controlling ocean stratification and transient heat uptake are investigated under climate change scenarios, including imposed surface warming, increased Southern Ocean wind forcing, with or without eddy compensation, and weakened meridional overturning circulation (MOC) induced by reduced NADW formation. With realistic profiles of diapycnal mixing, ocean heat uptake is dominated by Southern Ocean Ekman transport and its long-term adjustment controlled by the Southern Ocean eddy transport. The time scale of adjustment setting the rate of ocean heat uptake increases with depth. For scenarios with increased Southern Ocean wind forcing or weakened MOC, deepened stratification results in enhanced ocean heat uptake. In each of these experiments, the role of diapycnal mixing in setting ocean stratification and heat uptake is secondary. Conversely, in experiments with enhanced diapycnal mixing as employed in ''upwelling diffusion'' slab models, the contributions of diapycnal mixing and Southern Ocean Ekman transport to the net heat uptake are comparable, but the stratification extends unrealistically to the sea floor. The simple model is applied to interpret the output of an Earth system model, the Second Generation Canadian Earth System Model (CanESM2), in which the atmospheric CO 2 concentration is increased by 1% yr 21 until quadrupling, where it is found that Southern Ocean Ekman transport is essential to reproduce the magnitude and vertical profile of ocean heat uptake.
Introduction
The rate of global warming is dictated mainly by the radiative forcing due to the increase of anthropogenic greenhouse gases and the ocean heat uptake (Charney 1979) . Recent estimates of the ocean heat uptake have shown that the World Ocean above 2000-m depth has warmed at a rate of 0.39 W m 22 since 1950 (Levitus et al. 2012) . Therefore, between 80% and 90% of the earth radiation imbalance due to the anthropogenic forcing has been absorbed by the ocean (Levitus et al. 2000 (Levitus et al. , 2005 . The rate of warming of the upper ocean is currently larger than that of the deep ocean. The upper ocean heat uptake (above 700 m) is estimated to be around 0.26 W m 22 since 1960 (Levitus et al. 2012; Balmaseda et al. 2013 ) while the ocean heat uptake below 2000 m is estimated to be around 0.1 W m
22
, mainly due to the contribution of Antarctic Bottom Water (AABW) formation (Purkey and Johnson 2010) . The rate of ocean heat uptake influences not only the rate and the surface pattern of warming but also the rate of global-mean sea level rise due to thermal expansion of seawater on time scales of decades to millennia.
The dynamical processes controlling ocean heat uptake involve an interplay between ocean ventilation, stratification, and the circulation driven by wind and buoyancy forcing. Because of large uncertainties in current observational estimates of ocean heat content, especially at depth, and the limitations of ocean climate models, ocean heat uptake remains a key source of uncertainty in predictions of transient climate change. For example, Boé et al. (2009) identify the deep ocean heat uptake in CMIP3 models to be a major source of spread in simulations of twenty-first-century climate change. The study of Kuhlbrodt and Gregory (2012) suggests that weak ocean stratification in general circulation models (GCMs) results in an overestimate of ocean heat uptake and underestimate of surface warming, with implications for sea level rise estimates.
In the climate community, idealized models are frequently used to understand the mechanisms responsible for the rate of global warming (e.g., Hansen et al. 1985) and interpret results of GCMs. For example, box models can provide some insights into the behavior of the temperature response due to radiative forcing while mimicking the role of ocean heat uptake (e.g., Gregory 2000; Held et al. 2010) . Often the ocean is divided in two boxes representing the mixed layer and the deep ocean with the rate of heat uptake being proportional to the temperature difference between the two boxes. In this model, the climate evolves with a fast time scale of a few years and a slow time scale dictated mostly by the ocean heat uptake and the radiative feedbacks. However, the rate of heat uptake varies between GCMs and cannot be easily tied to any physical constraint.
A related approach is to model the ocean as a series of stacked layers in which, following the ''abyssal recipe'' of Munk (1966) , upwelling of cold, dense water formed at high latitudes is balanced by a downward diffusive flux of heat (e.g., Hoffert et al. 1980; Harvey and Schneider 1985; Raper and Cubasch 1996; Raper et al. 2001 ). The problem with this approach is that the required ''effective diffusivity'' from diapycnal mixing is generally an order of magnitude larger than values inferred from microstructure (Polzin et al. 1997 ) and tracer release (Ledwell et al. 1998 ) measurements in the upper part of the ocean. While enhanced levels of diapycnal mixing have been observed in the abyssal ocean where internal waves scatter off rough bottom topography (Polzin et al. 1997; Naveira Garabato et al. 2004) , it is unclear that diapycnal mixing is the dominant process controlling either the mean stratification of the ocean (Wunsch and Ferrari 2004) or its transient heat uptake (e.g., Gregory 2000; Banks and Gregory 2006; Xie and Vallis 2012) . Church et al. (1991) argue that heat penetrates the ocean mostly due to ventilation, similar to a passive tracer, with diapycnal mixing playing a negligible role. However, Banks and Gregory (2006) show using a GCM that heat uptake can vary significantly due to changes in ocean circulation and stratification, and therefore cannot be viewed solely as a passive process. Additionally, several modeling studies have shown that high-latitude regions control the ocean heat uptake in anthropogenic warming scenarios, specifically highlighting the importance of the Southern Ocean processes (e.g., Manabe et al. 1991; Gregory 2000; Huang et al. 2003; Gnanadesikan et al. 2005; Xie and Vallis 2012) and the North Atlantic and its meridional overturning circulation (MOC; e.g., Dalan et al. 2005; Rugenstein et al. 2013 ).
An alternative model that emphasizes the dynamic role of wind and eddies in the Southern Ocean, North Atlantic Deep Water (NADW) formation as part of the MOC, as well as diapycnal mixing, in maintaining the global pycnocline and the ocean stratification has been developed by Gnanadesikan (1999) . In Gnanadesikan's model, the pycnocline is deepened by diapycnal mixing and Southern Ocean Ekman transport, and shallowed by Southern Ocean eddies and NADW formation, thus linking naturally with the sources and sinks of mechanical energy for the global ocean (Munk and Wunsch 1998; Wunsch and Ferrari 2004) . However, Gnanadesikan's model consists of just two homogeneous layers and is not well suited to studying ocean heat uptake under transient anthropogenic forcing.
In this paper, our aim is to develop a multilayer generalization of Gnanadesikan (1999) that we hope can replace the ''upwelling diffusion'' models and simple box models currently used to study ocean heat uptake, both for pedagogical purposes and to analyze the output of coupled ocean-atmosphere GCMs. In particular, we aim to highlight the importance of ocean circulation and associated water-mass transformations, (i.e., ''transformations''), as opposed to diapycnal mixing, in controlling ocean stratification, the transient heat uptake, and the vertical heat storage.
An additional aim of the paper is to provide a mechanistic understanding of how the time scale of heat uptake and adjustment varies with the model parameters and as a function of depth. The latter is motivated by the results of Held et al. (2010) , building on Hasselmann et al. (1993) , that the surface ocean responds to changes in radiative forcing on two distinct time scales: a fast response over a few years within the mixed layer and ventilated upper layers, and a slow ''recalcitrant'' response associated with the time scale of the deep ocean. Here we show that it is the combination of Southern Ocean eddies and the sensitivity of NADW formation to the stratification that determines the overall time scale of heat uptake and adjustment, consistent with the results of Allison et al. (2011 ), Jones et al. (2011 ), and Samelson (2011 . Heat uptake over the upper 200 m occurs on a diffusive time scale, below which the adjustment time scale is dominated by Southern Ocean eddies (and the sensitivity of NADW formation to the stratification) with some small contribution from abyssal diapycnal mixing.
The paper is structured as follows. In section 2, the model formulation is described and the parameterization of key processes defined. In section 3 we discuss the vertical structure of the equilibrium stratification in different limits. In section 4 we present and analyze the time-dependent response of the model to imposed surface warming. In section 5 we use the simple model to interpret the results of an Earth System Model under a 1% yr 21 CO 2 increase scenario. Finally, in section 6 we present a brief concluding discussion of the wider implications of our results.
Model formulation a. Configuration
The model is an idealized, multilayer extension of that developed by Gnanadesikan (1999) for the global pycnocline, and is sketched schematically in Fig. 1 . The ocean is modeled by n layers of Conservative Temperature Q i (McDougall 2003) and thickness h i (i 5 1, 2, . . . , n). We define the layer interface depths,
where the total ocean depth is D 5 H n 5 constant. The evolution of each layer interface H i is controlled by the integrated volume transports into the layers lying above that interface:
The terms of the right-hand side of (2) represent Southern Ocean Ekman transport, Southern Ocean eddyinduced transport, diapycnal upwelling, and Northern Hemisphere sinking (North Atlantic Deep Water formation) respectively. The evolution of each layer is therefore set by the water mass transformation rates due to each process. The rate at which water is transformed from one Conservative Temperature class to another sets the transformation rate. When there is convergence of water mass transformation in a given layer, then there is a loss of water from that layer; conversely, when there is divergence of water mass transformation in a given layer, then there is a gain of water into that layer. These are referred to as positive and negative water mass formation respectively (Walin 1982; Tziperman 1986) . A similar approach is taken in the model of Goodwin (2012) with biogeochemical tracers.
For simplicity, we assume that the lateral area of each layer, A, does not vary significantly between the different layers or with time, and hence can be approximated as constant; this is equivalent to assuming that outcropping of abyssal layers occurs over a relatively small fraction of the surface ocean. Each isopycnal is assumed to have a uniform depth north of the Southern Ocean (Johnson et al. 2007; Allison et al. 2011) , due to the efficiency of boundary waves in removing meridional pressure gradients along eastern boundaries (Johnson and Marshall 2002; Marshall and Johnson 2013) , as also seen in observations (e.g., Marotzke 1997 ).
The 1D model describes only the oceans north of the Antarctic Circumpolar Current (ACC), also excluding the northern high-latitude basins and other marginal seas within which the model assumptions are invalid. Therefore the contribution of the northern latitudes is solely via water mass transformation rates. The model shares many common ingredients with that developed by Nikurashin and Vallis (2011) and, in particular, Nikurashin and Vallis (2012) , the main difference being that we prescribe scenarios for the rate of NADW formation, as described in section 2f, rather than incorporating a dynamic parameterization. We show in section 4 that incorporating a scaling for NADW as function of the stratification (Gnanadesikan 1999; de Boer et al. 2010a ) results in little change in the peak ocean uptake due to the lack of meridional density gradient in the model, but does affect the adjustment time scale.
The model neglects any explicit contributions to ocean heat uptake from salinity variations. In particular, we neglect along-isopycnal eddy mixing, which has been shown to be important for ocean heat uptake in climate models with parameterized ocean eddies (Gregory 2000; note, however , that this study did not employ the Gent and McWilliams parameterization of the eddy bolus velocity). A detailed discussion of the impact of haline forcing on vertical heat transport in the ocean is given by Zika et al. (2013) . In our model, haline forcing is included only implicitly to the extent that it controls the NADW formation rates that we prescribe.
We also do not include any explicit representation of AABW formation, which is believed to scale inversely with the strength of Southern Ocean wind forcing as well as being sensitive to air-sea fluxes south of Drake Passage (e.g., Shakespeare and Hogg 2012) . Nevertheless, our 1D model does form a realistic amount of AABW [e.g., compared with Lumpkin and Speer (2007) ] through a mechanism similar to Ito and Marshall (2008) in which the eddy-induced formation of bottom water is being balanced by diffusive upwelling. AABW is shown to be a small but increasing contributor to deep ocean uptake (Purkey and Johnson 2010) and its long-term change could affect the overall ocean heat uptake.
b. Conservative Temperature and heat uptake
The use of Conservative Temperature, rather than potential temperature, is because it is better conserved in the ocean interior (Graham and McDougall 2013) and gives a particularly simple expression for the ocean heat content,
where DQ is the temperature difference between each layer, assumed to be constant in this model, r 0 is a reference ocean density, and c 0 p is a constant close to the specific heat capacity at the sea surface of the present ocean (McDougall 2003) . Discrepancies between potential temperature and Conservative Temperature occur mostly at high pressure but, over most of the ocean, are small. To allow the time-dependent surface temperature, Q s (t), to vary continuously and yet map smoothly onto the layered structure in the vertical, we introduce an additional variable d i that represents the fraction of the ith layer that is outcropped, where 0 # d i # 1. At the sea floor we set Q 5 Q b , which we take as constant (but could vary in time).
c. Southern Ocean Ekman transport
The eastward wind stress over the Southern Ocean drives an equatorward ocean Ekman transport, which, in tandem with air-sea heat exchange, represents a cold-towarm water mass transformation. We specify the magnitude of the Southern Ocean Ekman transport as
where t s is the zonal wind stress, f ACC is the Coriolis parameter, and L x is the zonal extent of the Southern Ocean.
We deposit the Ekman transport linearly within the warmest DQ Ek Conservative Temperature class of the model, motivated by the fact that the Ekman transport varies with latitude, resulting in Ekman pumping across a range of Conservative Temperatures. This is compensated by a poleward geostrophic return flow beneath the depth of the Drake Passage, H Drake , where the topography is able to support a zonal pressure gradient, leading to a reduction in the Ekman transformation in the coldest temperature classes. Thus the Ekman transport above the ith interface, taking into account the return geostrophic flow, is prescribed as
In the above, we have assumed that the temperature surface Q s 2 DQ Ek lies above the depth of Drake Passage, H Drake , as is the case for all the solutions presented here.
d. Southern Ocean eddy-induced transport
For the Southern Ocean eddy-induced transport, we adopt the Gent and McWilliams (1990) eddy closure in which eddies extracts potential energy from the background state through an eddy-induced circulation mimicking the effects of baroclinic instability. The form of Gent and McWilliams used is similar to Gnanadesikan (1999) but extended to multiple layers, and tapered beneath Drake Passage in the same manner as for the Ekman term (5) to satisfy the lower boundary condition:
Here L yi is the mean distance between the northernmost extent of the ACC and the outcrop of that isopycnal layer. For simplicity, we assume a linear variation in surface temperature across the ACC and set
where L y0 is the mean width the ACC. Note that the latter is broader than the width of Drake Passage due to the fanning out of the ACC at other longitudes (Allison et al. 2010) . The net Southern Ocean transformation is thus a residual between the Ekman and eddy-induced components, q Ek 2 q Eddy (Marshall 1997; Marshall and Radko 2003 ).
e. Diapycnal upwelling
We can obtain a simple expression for the diapycnal upwelling across each layer interface through a simple one-dimensional balance between diapycnal advection and diapycnal diffusion:
where w* is the diapycnal velocity, Q is Conservative Temperature, and k y is the diapycnal diffusivity (Munk 1966) . Taking the Conservative Temperature difference between each layer to be identical, the finite-difference version of (8) is
This corresponds to the simplest limit of the more general formula derived by McDougall and Dewar (1998) .
Physically (9) is intuitive: a thicker layer will surrender fluid to an adjacent thinner layer, given equal variations in Conservative Temperature across each layer. To allow for surface outcropping, the first term includes a contribution from d i , the fraction of the layer outcropped. The latter is imposed through the surface boundary conditions, as discussed in section 2b and d i 5 1 in all layers except that closest to the sea surface. At both the upper and lower boundaries, q D is set to zero corresponding to a no-flux condition. The vertical diffusivity k yi takes two forms in the model, either as a constant independent of depth, or as a vertical profile that depends on the vertical coordinates following Bryan and Lewis (1979) such that
where k s is the asymptotic value of the surface diffusivity, k b is the asymptotic value of the abyssal diffusivity, and the parameters Dh bl and h bl set the shape of the diffusivity profile as function of depth.
f. NADW formation
Finally, we need to prescribe the rate at which water is transformed to North Atlantic Deep Water at northern high latitudes. Gnanadesikan (1999) argues that the rate of NADW formation should scale as the square of the pycnocline depth, although, as noted by de Boer et al. (2010a) and Fürst and Levermann (2012) , there are reasons to question the robustness of such a scaling. These issues are far more complicated in a multilayer model and hence we simply prescribe q Ni for each layer:
Here Q N is the Conservative Temperature of maximum northern overturning (the upper limit of NADW formation) and Q A is the Conservative Temperature at which northern overturning vanishes (the lower limit of NADW formation). An alternative, dynamic closure for q Ni is considered in section 4b.
g. Method of solution
The stratification is modeled through n 5 100 layers with Conservative Temperatures between Q b 5 1.58C (except in section 5 where Q b 5 08C) and Q s 5 258C. The prognostic Eq. (2) is time-stepped using a third-order AdamsBashforth scheme (Durran 1991 ) with a typical time step of 8 3 10 4 s, reduced where necessary in order to preserve numerical stability. To prevent division by zero in the calculation of q Di , a minimum layer thickness of 10 22 m is imposed in the denominator of (9); the solutions presented are not sensitive to the precise value of this minimum layer thickness. In the limit of finite layers, the piecewise nature of stratification can result in jumps in ocean heat uptake as new layers appear; however, this appears to have no discernible effect on other aspects of the model solutions.
We also set the depth of Drake Passage, H Drake 5 4 3 10 3 m, the total ocean depth, H 5 5 3 10 3 m, the zonal extent of the Southern Ocean, L x 5 2 3 10 7 m, and the mean width of the ACC, L y0 5 1.5 3 10 6 m. The surface area is set to A 5 2 3 10 14 m, accounting for the ocean surface north of the ACC and excluding the northern high-latitude basins and marginal seas. Details of the remaining parameters are given with each experiment.
Equilibrium solutions
Before discussing the transient response of the model and ocean heat uptake to anthropogenic forcing, it is instructive to consider how the equilibrium stratification profile varies as the model parameters and forcing are varied. For the purpose of this section, we define our ''control'' solution as one with the parameter values: ), and q N0 5 20 Sv. The Southern Ocean Ekman transport is deposited in the warmest DQ Ek 5 108C Conservative Temperature class, NADW is formed in the Conservative Temperature range fQ A 2 Q N g 5 f28 2 68Cg, and the surface temperature is Q s 5 218C. The vertical diffusivity is prescribed using the Bryan-Lewis profile (10) with k s 5 1 3 10 25 m 2 s 21 , k b 5 1 3 10 24 m 2 s 21 , Dh bl 5 0.22 3 10 3 m, and h bl 5 2500 m. In each calculation, the model has been integrated for 10 000 years, after which the surface heat uptake is typically reduced to a magnitude of 10 25 W m
22
. Variations of the four water mass transformation processes with Conservative Temperature in the control integration are plotted in Fig. 2a . The Southern Ocean Ekman transport, q Ek is mostly balanced by a combination of Southern Ocean eddies, q Eddy , and NADW formation, q N , with the former dominating in Conservative Temperature classes colder than NADW by construction. Diapycnal diffusion is a smaller term at most depths, transforming cold water into warmer water, but is dominant at the very warmest Conservative Temperatures near the surface and also plays a substantial role in the coldest Conservative Temperature classes corresponding to AABW formation as previously described. While the model stratification is one-dimensional, it is possible to infer the implied two-dimensional MOC by continuity, shown in Fig. 2b . We obtain two cells: over the upper 2-3 km a quasi-adiabatic pole-to-pole NADW cell (cf. Wolfe and Cessi 2011) with an imposed strength of 20 Sv, and over the lower 2-3 km a diffusively driven AABW cell of 15 Sv that forms dynamically through the mechanism described in Ito and Marshall (2008) .The structure of the model's MOC compares remarkably well with the observation-derived estimate of the global MOC in Lumpkin and Speer (2007, their Fig. 2) .
The equilibrium Conservative Temperature profile in the control solution is compared to climatological observations in Fig. 3 , where the latter have been evaluated using the dataset of Gouretski and Kolterman (2004) and the TEOS-10 toolbox of McDougall and Barker (2011) . The solid curve is from the control solution of the 1D model, the dashed curves have been calculated by averaging the climatological data within 408-208S and 208-408N in the Atlantic (SH and NH respectively), and the dotted curve is the mean of the two hemispheric curves (i.e., excluding the tropics since the tropical thermocline is not represented in the 1D model). Atlantic profiles are chosen for this comparison because 1) the majority of the anthropogenic heat uptake occurs in the Atlantic sector (e.g., in the climate model discussed in section 5), and 2) salinity variations are greatest in the Atlantic, allowing a crude estimation of the error introduced by neglecting salinity variations in the 1D model.
The 1D model adequately captures the observed vertical Conservative Temperature profile from observations, with slightly warmer Conservative Temperatures between 0.5 and 1 km, and weaker stratification at depth; on the other hand, the abyssal stratification agrees better with observed values in the Pacific (not shown). The effect of varying different parameters on the vertical Conservative Temperature profile is shown in Fig. 4 ; these are now discussed in the following sections. 
a. Diapycnal diffusivity
The effect of replacing the Bryan-Lewis diapycnal diffusion profile with constant diapycnal diffusivities of k y 5 1 3 10 25 m 2 s 21 and 1 3 10 24 m 2 s 21 is shown in Fig. 4a . The most striking result is that the enhanced diapycnal diffusion at depth in the Bryan-Lewis profile has remarkably little impact on the stratification at any depth. In contrast, applying enhanced diffusion (k y 5 1 3 10 24 m 2 s 21 ) over the entire water column leads to a much deeper stratification and excessive warmth at all depths, consistent with the ideas of Sandström (1916) and Munk (1966 (2000); also see Samelson and Vallis (1997) .
b. Southern Ocean winds
Southern Ocean wind forcing is the dominant source of mechanical energy for the global ocean (Wunsch and Ferrari 2004 ) and hence has a substantial impact on the vertical stratification profile and vertical heat transport (e.g., Gnanadesikan et al. 2005) . With the Southern Ocean Ekman transport set to zero, the stratification is confined entirely to the upper 700 m and is determined by a Munk (1966) -type balance between the NADW formation and diapycnal upwelling (Fig. 4b) . Since the control value of diapycnal diffusion is weak over the upper ocean, consistent with observations, the resultant stratification is confined to a thin, diffusive surface boundary layer (Sandström 1916) . Southern Ocean eddies play only a secondary role in this limit since the pycnocline is shallow. In contrast, if the surface Ekman transport is increased to 30 Sv, the pycnocline deepens and extends to below 3 km, now largely opposed by the Southern Ocean eddy bolus transport, but also by NADW formation (Fig. 2a) . Further increase in the Ekman transport, to a value of 45 Sv, results in the stratification extending to the sea floor. These results are consistent with a number of recent studies, including Wolfe and Cessi (2010) , Nikurashin and Vallis (2011) , Radko and Kamenkovich (2011) , , and Nikurashin and Vallis (2012) .
c. Southern Ocean eddies
One of the most critical parameters is the Southern Ocean geostrophic eddy diffusivity, k GM , set to 1 3 10 3 m 2 s 21 in the control integration (Fig. 4c) . The role of Southern Ocean eddies is most easily understood if we first neglect NADW formation such that there is a leading-order compensation between the Southern Ocean Ekman and eddy-induced overturning cells (Danabasoglu et al. 1994 d. NADW formation rate and temperature range NADW formation acts as a sink of warm surface water and a source of relatively cool middepth water, inducing upwelling over the upper 2.5-3 km of the fluid column for the control model parameters. Therefore the effect of halving and removing the NADW formation rate (Fig. 4d) is to deepen the stratification over the upper 3 km. In the limit in which NADW is turned off, the stratification of the upper 3 km becomes close to linear: this is a consequence of the near cancellation of the Southern Ocean Ekman and eddy-induced overturning cells and hence the linear variation of the surface temperature across the Southern Ocean in the model being mapped onto a linear vertical stratification. In reality, the latter result will depend on both the surface temperature gradients and the variation of the eddy diffusivity, k GM , with the stratification. Similar results are discussed in Wolfe and Cessi (2010) and Nikurashin and Vallis (2012) .
The stratification profile is sensitive not only to the NADW formation rate, but also the Conservative Temperature range in which NADW is formed (cf. Wolfe and Cessi 2010, their Fig. 1b) . Warmer NADW confines that part of the upwelling balancing NADW formation to warmer Conservative Temperature classes; hence the stratification increases over the Conservative Temperature classes in which NADW is no longer formed (Fig. 4e ).
e. Surface temperature
Finally, the effect of increasing the surface temperature by 48C is shown in Fig. 4f . Basically, the stratification profile has a similar shape but scaled up to satisfy the new surface boundary condition. Note that the heat content anomaly is mostly, but not exclusively, confined to the upper kilometer, in contrast to the heat content anomalies induced by changes in Southern Ocean winds (Fig. 4b) , eddies ( Fig. 4c) , and NADW formation (Figs. 4d,e) . Also note that the heat content changes associated with plausible perturbations to Southern Ocean winds and/or eddies or NADW formation are potentially of similar magnitude to those due to the direct effect of the warmer surface boundary conditions.
Anthropogenic climate change scenarios
We now present solutions for a range of different anthropogenic climate change scenarios. The aim of these calculations is to quantify the magnitude of plausible variations in the key processes in response to anthropogenic climate forcing, namely surface warming, increase in wind and eddy circulation in the Southern Ocean and MOC weakening. Thus, for each such parameter, F(t), we prescribe
where the change DF in F occurs smoothly over the time interval t 1 # t # t 2 . The parameters we vary are plotted in Fig. 5 . The surface temperature is increased by 48 over a time interval of 200 yr in each of the scenarios (except for one sensitivity calculation with a 28 warming). In addition, we consider the impact of the Southern Ocean Ekman transport increasing by 10% over the same period, accompanied, or not, by an equivalent increase in the Southern Ocean eddy diffusivity. And finally we consider the impact of NADW formation (or MOC) weakening by 50% and 100% between years 100 and 200, the former also in conjunction with 28C warming of the NADW formation Conservative Temperature class. Each of these scenarios is initialized with the control equilibrium solution and integrated for a total of 1000 years.
a. Control scenario forced by surface warming
First we consider a scenario in which only the surface temperature is increased by 48C over the first 200 years, consistent with estimated projections of temperature increase from preindustrial value under the representative concentration pathway (RCP) 6.0 scenario by year 2200 or Special Report on Emissions Scenarios (SRES) scenario A2 by year 2100 (Rogelj et al. 2012) . Plotted in Fig. 6 is the net ocean heat uptake and its vertical partitioning in the depth ranges 0-0.7, 0.7-2, and 2-5 km (Fig. 6a) , the ocean Conservative Temperature anomaly at different depths as a function of time (Fig. 6b) , and the ocean heat uptake anomaly (Fig. 6c ). The latter also shows the heat uptake anomaly due to each of the four processes: Ekman transport, Southern Ocean eddies, NADW formation, and diapycnal diffusion. Note that the heat uptakes are normalized by the surface area of Earth.
The global heat uptake reaches a maximum value of 0.6 W m 22 after 150 years before its eventual decay.
Relatively little heat uptake occurs through diapycnal diffusion although it does play a proportionately greater role during the initial 100 years of the integration. Instead, by far the largest source of heat uptake is the Southern Ocean Ekman transport. Given that the global stratification is largely controlled by Southern Ocean winds, as discussed by Wolfe and Cessi (2010) , Nikurashin and Vallis (2011) , Radko and Kamenkovich (2011) , , and Nikurashin and Vallis (2012) , global ocean heat uptake is also largely determined by Southern Ocean Ekman transport (also see Gnanadesikan et al. 2005) , especially on short time scales. Physically, this corresponds to Ekman pumping of the surface heat anomaly into the ocean interior. NADW formation opposes the Ekman heat uptake, essentially because warmer water is now transformed to NADW, therefore representing a net sink of heat. The heat uptake due to Southern Ocean eddies is initially weak and slightly positive before becoming negative and slightly larger than the NADW contribution on the centennial time scale. On short times scales, the eddy heat uptake is dominated by eddy-induced downwelling of warmer water over the Southern Ocean, but on longer time scales the eddy overturning circulation itself adjusts to the changes in stratification dominating the eddy heat uptake. Similar results are obtained if the surface warming anomaly is only 28C over 200 years instead of 48C (Fig. 6d) ; the heat uptake and the contribution from the four dynamical controls scale almost linearly with the applied warming.
The anomalous heat in the ocean is concentrated in the upper 2 km, and in particular over the upper 0.7 km (Figs. 6a,b) . Both the upper and midocean heat uptakes, similar to the global heat uptake, are dominated by the Southern Ocean Ekman transport, with smaller contributions from Southern Ocean eddies and NADW formation (not shown). The uptake due to Southern Ocean eddies adjusts most slowly and sets the overall adjustment timescale, as discussed in the following section. Middepth and abyssal layers are still warming at the end of the simulation, similar to global climate models (Li et al. 2013) , with the ocean uptake between 0.7 and 2 km reaching a maximum value of 0.06 W m 22 at around 280 yr.
b. Variation of adjustment time scale with depth
The response of the ocean at the surface is determined by the rate at which energy is absorbed at the sea surface (the net ocean heat uptake) but also by the transformation rates from the surface to the interior. Figures 6a-c show that the ocean equilibrates over many centuries and, indeed, is not fully equilibrated at the end of the 1000-yr integration.
To investigate the adjustment time scales further, in Fig. 7a we show the response of the model to a 18C surface temperature anomaly applied instantaneously as a step function. The upper 50 m and 100 m adjust on time scales of 30 to 40 years, longer than the time scale of a few years one would expect in the surface mixed layer (e.g., Held et al. 2010) , simply reflecting the absence of a surface mixed layer in the model. The more interesting time scales are 200 years at about 500 m, 1000 years at about 1-km depth, and 2000 years in the abyss.
The overall adjustment time scales are controlled by diapycnal mixing and Southern Ocean eddies, as sketched schematically in Fig. 7b , since the Southern Ocean Ekman transport and NADW formation are essentially constant in time. The three pertinent time scales are involved: 1) upper ocean diffusion, 2) Southern Ocean eddies, and 3) abyssal ocean mixing. The surface temperature anomaly will spread into the interior on the diffusive time scale
which increases rapidly with depth. Southern Ocean eddies act as a damping on layer depth anomalies on the eddy time scale
which increases with depth due to the increasing distance over which the layer slopes in the Southern Ocean, L yi . Finally, enhanced mixing in the abyssal ocean also plays a role in the adjustment on the abyssal diffusive time scale
where Dz is a typical vertical scale in the abyss (say, 1-2 km). The diffusive and eddy time scales, t diff and t eddy , are plotted in Fig. 7c as a function of depth, along with a best estimate of the adjustment time scale by fitting an exponential curve. There is at least a factor of 2 uncertainty in the latter at depths below about 1 km, depending on the precise details of how the fit is performed (not shown); nevertheless the plotted curve gives a qualitative idea of how the adjustment time scale varies with depth. The abyssal diffusive time scale, t abyss , is on the order of 10 3 years, assuming a vertical scale of about 2 km. The diffusive time scale dominates over the upper 200 m. However, at deeper levels, the adjustment appears to be set mostly by Southern Ocean eddy time scale, consistent with the analyses of the time-dependent twolayer Gnanadesikan and related models in Allison et al. (2011 ), Jones et al. (2011 ), and Samelson (2011 ; however, the overall adjustment time scale is slightly increased due to the role of the abyssal diapycnal mixing in establishing the equilibrated abyssal stratification. Note, that in contrast to the two-layer models of Held et al. (2010) and Geoffroy et al. (2013a) , a continuous spectrum of time scales is obtained as a function of depth, which are readily understood in terms of the variation of eddy time scale with depth in the continuous 1D model.
c. Overall adjustment time scale
While diapycnal mixing sets the adjustment time scale over the upper 200 m, since the heat uptake occurs over a much greater depth range, the overall adjustment should be controlled by the parameterization of Southern Ocean eddies, as found in Allison et al. (2011 ), Jones et al. (2011 ), and Samelson (2011 , and consistent with Fig. 6c , where the eddy component of the heat uptake is the slowest to equilibrate. This is confirmed in Fig. 8a where we compare the heat uptake anomaly of the control integration (as in Fig. 6c ) with cases in which the Southern Ocean eddy diffusivity is increased and decreased by a factor of 2.
In the cases considered thus far, the NADW formation is independent of the pycnocline depth. However, Jones et al. (2011) and Allison et al. (2011) have shown that the adjustment time scale is also affected by the sensitivity of the NADW formation rate to the pycnocline depth in the two-layer Gnanadesikan model,
where h is the depth of the pycnocline in Gnanadesikan's model. To test the sensitivity of the overall adjustment time scale to the parameterization of NADW formation, we now consider a case in which the rate of NADW formation scales with the square of the pycnocline depth, here taken as the depth of the Q 5 6.4358C surface. Since the stratification deepens in the warming calculation, NADW formation also increases slightly as the Conservative Temperature surface deepens (Fig. 8b) . The peak heat uptake, shown in Fig. 8c , is almost insensitive to the dependence of the NADW on the stratification, but the adjustment time scale decreases, as expected from Eq. (16). In reality, we expect NADW formation to decrease under warming scenarios due to the dependence of the MOC on the meridional density gradient (see de Boer et al. 2010a; Fürst and Levermann 2012) , and it is therefore unclear how NADW formation will affect the overall adjustment time scale.
In the two-box model of Held et al. (2010) , also used by Geoffroy et al. (2013a,b) , the rate of ocean heat uptake is given by the rate of heat exchange between the upper mixed-layer box and deep ocean box. The above analysis provides a dynamical rationale for setting the time scale of this heat exchange, and hence the time scale of the slow component of surface response to forcing, in terms of the Southern Ocean eddy transport and the sensitivity of NADW formation to changes in stratification.
d. Changes in Southern Ocean transports
Both observations (Thompson et al. 2000; Marshall 2003 ) and coupled ocean-atmosphere models (Kushner et al. 2001) suggest that Southern Ocean winds are strengthening (and shifting poleward) in response to anthropogenic forcing, with consequent impacts on Southern Ocean heat uptake (Fyfe et al. 2007 ). In Fig. 9b we plot the ocean heat uptake anomaly in an additional scenario in which the Southern Ocean wind stress, and hence the Ekman transport, is increased by 10%. Even though the increase in wind stress is relatively modest, the peak ocean heat uptake increases by almost 50%, and the long-term heat uptake by 100%. Because of the increase in Southern Ocean Ekman transport, the stratification deepens as shown in Fig. 9a , leading to an increase of heat uptake at all depths (Fig. 9c) , although the main warming remains in the upper 1.5 km. Unlike in the surface warming-only scenario, the Ekman-induced heat uptake now dominates at most depths with only modest changes from other contributions except for the diapycnal diffusivity contribution in the deep ocean, which is now reduced.
On the other hand, recent results from eddy-permitting ocean models suggest that the Southern Ocean may be in an ''eddy saturated'' regime in which any increase in Southern Ocean Ekman overturning is compensated by an increase in eddy activity and eddy-induced overturning, such that the net residual overturning circulation anomaly, q Ek 2 q Eddy , is greatly reduced (e.g., Straub 1993; Hallberg and Gnanadesikan 2006; Farneti et al. 2010; Munday et al. 2013) . To address this possibility, in Fig. 9c we also plot the ocean heat uptake anomaly in a scenario in which both the Southern Ocean wind stress and eddy diffusivity increase by 10%. As the increase in eddy diffusivity shallows the stratification, we find that there is a small residual heat uptake, because the Ekman and eddy-induced overturning cells are not exactly compensated (especially on shorter time scales), but nevertheless the residual heat uptake anomaly is greatly reduced. The impact of the eddy diffusivity on the stratification and heat uptake in the CMIP3 ensemble under different forcing scenarios is discussed in Kuhlbrodt and Gregory (2012) : their results show that models with small k GM have a weakened stratification in the Southern Ocean and larger heat uptake efficiency.
e. Changes in NADW formation
One of the greatest uncertainties in the response of the ocean to anthropogenic climate change concerns the response of the Atlantic MOC. Most GCM projections show a warming at high latitudes combined with an increase in precipitation leading to an increase in ocean stratification, a reduction in NADW formation and a weakening of the Atlantic MOC (e.g., Gregory et al. 2005) . State-of-the-art coupled models show a wide range of plausible behavior, from little change to more than 50% reduction in the Atlantic MOC (Meehl et al. 2007 ). Thus, in Fig. 10a we show the effect of reducing the rate of NADW formation by 50% and 100% between years 100 and 200 (over the first 100 years, both of these scenarios are identical to the control). Even a 50% reduction in NADW formation leads to more than a doubling in the peak ocean heat uptake, with an even greater increase with the complete halt of NADW formation. Figure 10b shows the warming at different depths under a 50% reduction in the NADW formation rate. The striking subsurface warming over the upper 1.5 km is a result of the almost linear stratification in this depth range (Fig. 4c) . The deepened stratification increases the heat uptake leading a substantial subsurface warming consistent with Xie and Vallis (2012) and Gregory (2000) . The strength of the subsurface heat uptake is associated with the strength and the depth of the Atlantic MOC cell. (Kostov et al. 2014) show using a simple box model and the output of CMIP5 that the upper cell of the Atlantic MOC is central to transporting and redistributing thermal energy to depth. In their study, the large discrepancies in the strength and depth of the Atlantic MOC in CMIP5 models accounts for the variability in the vertical distribution of ocean heat storage.
We additionally show a scenario in which NADW is formed at a reduced rate (by 50%) and into a warmer Conservative Temperature class (48-88C vs 28-68C). The effect of warmer NADW appears to be secondary, consistent with the findings in section 3 for the equilibrium solutions (Fig. 4e) .
f. Impact of large diapycnal diffusion
Finally, although observations point toward diapycnal mixing rates on the order of 10 25 m 2 s 21 over the upper ocean, with higher values in the abyss, here we consider the effect of increasing the diapycnal diffusivity to 10 24 m 2 s
21
. This is for two reasons: 1) truncation errors in advection schemes lead to spurious implicit diapycnal mixing (Griffies et al. 2000) , even when run at eddy-permitting resolutions [Roberts and Marshall 1998; see Ilicak et al. (2012) for a recent update, including analysis of spurious mixing in global ocean climate simulations], and 2) artificially large ''effective diffusivities'' are often applied in simple climate models as a parameterization of advective processes.
In Fig. 11 we show the vertical Conservative Temperature profiles from climatological observations and the model with a uniform diapycnal diffusivity of k y 5 1 3 10 24 m 2 s
, both with and without Southern Ocean winds and eddies. We see that the ocean becomes unrealistically warm in both cases. In Figs. 11b and 11c we show the net heat uptake and its decomposition for the cases with and without Southern Ocean winds and eddies respectively. Consistent with Nikurashin and Vallis (2011, 2012) , we find that for large mixing, the contribution of diapycnal mixing becomes comparable to that of the Southern Ocean winds (Ekman transport) in setting the stratification. In Fig. 11c , we see that one can qualitatively model the effect of the Southern Ocean Ekman and eddyinduced overturning cells on heat uptake in our simple 1D model through enhanced effective diffusivity over the upper ocean. This is simply a reflection of the low-order nature of the transient response of our model integration and the ability of any low-order model to fit a smooth curve given sufficient tunable parameters. The peak ocean heat uptake is comparable to the value from the control solution with imposed surface forcing (cf. Fig. 6c ).
Application to an Earth system model
To illustrate the utility of the conceptual model to analyze ocean heat uptake in more complex models, we now apply it to the output of a climate model, the Second Generation Canadian Earth System Model (CanESM2), which has been employed in the Intergovernmental Panel on Climate Change (IPCC) Fifth Assessment Report (Stocker et al. 2013) and is composed of ocean, sea ice, atmosphere, land, and carbon cycle components. The ocean component of CanESM2 is the National Center for Atmospheric Research (NCAR) Community Ocean Model (Gent et al. 1998) , based on the Geophysical Fluid Dynamics Laboratory Modular Ocean Model. The resolution of the model is 1.4188 (longitude) 3 0.9488 (latitude) with 40 vertical levels of varying thicknesses from 10 m near the surface to roughly 400 m in the abyss. Eddies are parameterized using Gent and McWilliams (1990) with a spatially uniform eddy diffusivity, k GM 5 10 3 m 2 s 21 . Diapycnal mixing driven by buoyancy and shear is parameterized by the K-profile parameterization (KPP) scheme (Large et al. 1994) in the surface mixed layer (ignored in our 1D model) and the Simmons et al. (2004) parameterization of diapycnal mixing. The control integration of CanESM2 is used to fit the 1D model. Southern Ocean Ekman transport and NADW formation rates are estimated from the control integration averaged over the last 100 years, defined through the maximum Eulerian meridional overturning strengths between 458 and 608S and between 458 and 608N respectively. The diapycnal diffusivity profile in the GCM is calculated dynamically using Simmons et al.'s (2004) calculation and varies with latitude, longitude, and time; instead, we mimic the mean effect of the parameterization by crudely modeling the diapycnal diffusivity profile in Fig. 1 of Simmons et al. (2004) . To do so, we prescribe a uniform value of 3 3 10 25 m 2 s 21 over the upper 3 km, increasing linearly to 7.7 3 10 24 m 2 s 21 between 3 and 5 km. All of the remaining parameters have the same values as used in the control integration in sections 3 and 4, except that the bottom Conservative Temperature is set to 08 here, consistent with the vertical potential temperature profile from the GCM.
In Fig. 12a , we show the initial stratification of the 1D model along with those from the GCM in the North and South Atlantic at the start of the transient experiment. These curves are chosen for consistency with Fig. 3 , but also because the heat uptake is dominated by the Atlantic sector in both hemispheres in the GCM (not shown). The stratification in the 1D model is too deep between 0.5 and 1.5 km, and likewise beneath 3 km, which we have been unable to reconcile but most likely results from ambiguities in defining the overall magnitudes of the Southern Ocean Ekman transport and NADW formation.
The 1D model is then forced with the time series of sea surface temperature, Southern Ocean Ekman transport, and NADW formation diagnosed from a GCM simulation in which the atmospheric CO 2 concentration is increased by 1% yr 21 , starting from the preindustrial control state until the CO 2 concentration reaches 4 times its preindustrial value. The length of the time series is 140 years. The bolus eddy transport is calculated dynamically in the 1D model with a constant diffusivity, k GM 5 1 3 10 3 m 2 s 21 as used in the CanESM2.
Despite the discrepancies between the initial stratification profiles in the 1D model and GCM, the vertical temperature profile of the warming over the 140 years of integration, agrees remarkably well between the 1D model and GCM (Fig. 12b) , except that the GCM warms slightly more over the upper 1 km and actually cools at depth below 2 km. The latter is partly due to a change in the strength of the AABW cell in the GCM (not shown) which the 1D model is incapable of capturing at present. In Figs. 12c and 12d , we see that the temporal variation of the warming also compares favorably between the GCM and 1D model at different depths with errors of less than 0.18C (except in abyssal layers, where the sign of the temperature change is incorrect as described above).
The simple 1D model provides yet a reliable firstorder approximation of the model heat uptake in a transient climate change experiment. Figures 13a and  13b show the ocean heat uptake time series from the GCM averaged globally and over 408S-608N (where the 1D model is valid), respectively. Most of the heat uptake, roughly 1.6 W m 22 at the end of the forced integration over latitudes 408S-608N, is concentrated in the upper 2 km (0.9 W m 22 between 0 and 0.7 km and 0.6 W m 22 between 0.7 and 2 km) and with negligible uptake at depth. The results from the 1D model shown in Fig. 13c for the heat uptake compare extremely well with the GCM output as expected from the temperature time series (Figs. 12c,d ).
Various simple metrics are used to evaluate the response of models to forcing, especially when comparing GCMs output with simple models. The ''ocean heat uptake efficiency'' quantifies the rate at which heat is transported downward and provides a good measure of a model's response to slowly varying radiative forcing. The heat uptake efficiency calculated in CanESM2 is about 0.56 W m 22 K 21 (Kuhlbrodt and Gregory 2012; Forster et al. 2013 ). The 1D model heat efficiency is 0.47 W m 22 K 21 , slightly below the estimated value due to the exclusion of the Southern Ocean and northern high-latitude basins. The GCM output shows an increase in the Southern Ocean Ekman transport and as expected, Ekman pumping entirely dominates the ocean heat uptake, shown in Fig. 13d . The sink of heat due to Southern Ocean eddies increases (due to the decrease in the eddy bolus transport) but is nearly balanced by the contributions from NADW (i.e., weakening of the Atlantic MOC) and diapycnal mixing.
To further understand the role of NADW and Ekman pumping as sources of ocean heat uptake, the 1D model is initialized solely with the GCM NADW time series, excluding the Southern Ocean processes. The initial stratification of the 1D model agrees extremely well with GCM stratification profiles in the Atlantic (Fig. 14a) . However, the final stratification profile of the 1D model disagrees with the GCM, especially between 0.7 and 2 km (Fig. 14b) , resulting in an underestimate of net ocean heat uptake by about 50% (Fig. 14c) . This experiment highlights the importance of the Southern Ocean Ekman water mass transformation in determining the transient ocean heat uptake and its vertical distribution.
When Southern Ocean processes are turned off, the model is now equivalent to an upwelling-diffusion model with uniform enhanced mixing k y 5 1 3 10 24 m 2 s
21
. The initial and final ocean stratifications obtained in this configuration of the 1D model are farther away from that of the GCM (Figs. 15a,b) . However the net ocean heat uptake, reaching 1.4 W m 22 at the end of the experiment, matches fairly well the ocean heat uptake from the simple model with the Southern Ocean processes and weaker mixing (cf. Figs. 15c and 13c ). The heat uptake over the upper 0.7 km is in broad agreement with the GCM results owing to the almost linear stratification over the upper ocean; however, the heat uptake between 0.7 and 2 km is underestimated by more than 30%.
Discussion
In this paper, we have developed a conceptual model as a multilayer generalization of Gnanadesikan (1999) to analyze the dynamical processes controlling ocean heat uptake under various climate change scenarios. The model represents the role of the Southern Ocean Ekman and eddy transports, the Atlantic MOC, and diapycnal mixing in setting the ocean stratification and consequently the rate of ocean heat uptake.
For realistic profiles of diapycnal mixing, the ocean heat uptake remains mostly confined to the upper 2 km of the ocean for several centuries and is dominated by the wind-induced Ekman transport in the Southern Ocean; its adjustment time scale is set mostly by the Southern Ocean eddy transport and the sensitivity of NADW formation to changes in stratification. The model suggests that any future increase in wind stress over the Southern Ocean under climate change will likely increase ocean heat uptake by deepening the stratification. However, the rate of uptake will be greatly reduced due to the compensating effect of the Southern ocean eddy bolus transport. A recent study by Balmaseda et al. (2013) analyzed the impact of removing interannual variability of the wind over the global ocean on a reanalysis product of ocean heat content between 1990 and 2009, obtaining a reduction of the overall heat uptake of up 60%, as well as reduced penetration of heat below 300 m in low latitudes. This result further emphasizes the impact of the surface wind stress on the global ocean heat uptake and the vertical profile of the warming.
If the diapycnal diffusivity is artificially enhanced in the model, as is sometimes the case in simple models, or in GCMs due to numerical truncation errors (Ilicak et al. 2012) , the contribution of diapycnal mixing to net ocean heat uptake becomes comparable to, if not larger than, that of the Southern Ocean Ekman transport. Gregory (2000) investigated changes in ocean heat uptake on decadal time scales in the Hadley Centre Coupled Model, version 2 (HadCM2), showing that the wind-driven circulation in the Southern Ocean dominated the vertical exchange of heat in the control experiment. However, the anomalous heat uptake under a 1% CO 2 increase within the same model was dictated by changes in high-latitude convection leading to subsurface warming and net heat uptake; the secondary role of the Ekman transport in this experiment is perhaps due to the enhanced diffusive processes and the lack of a parameterization of the eddy bolus velocity. The potential reduction in the rate of NADW formation and, therefore, weakening of the MOC in the North Atlantic, has been shown to deepen the stratification, substantially increasing the subsurface warming and the overall heat uptake, similar to the impact of increasing the Southern Ocean wind stress. Various studies have pointed out the influence of high-latitude convection in the North Atlantic and the reduction of the MOC on the regional and global heat uptake (e.g., Manabe et al. 1991; Knutti and Tomassini 2008; Xie and Vallis 2012) .
We have further shown that high values of diapycnal diffusivity in low-order models can mimic the effect of the Southern Ocean Ekman transport on the integrated ocean heat uptake such that the contributions of diapycnal mixing and Southern Ocean Ekman transport to the net heat uptake are comparable, but the stratification extends unrealistically to the sea floor.
The results are confirmed when the output of a GCM is analyzed using the 1D conceptual model. The 1D model is forced by time series of sea surface temperature, Southern Ocean Ekman transport, and NADW formation, diagnosed from an integration of CanESM2 in which atmospheric CO 2 is increased by 1% yr 21 to 4 times its preindustrial value. The Southern Ocean Ekman transport is found to be essential to reproduce in the 1D model the magnitude and vertical profile of ocean heat uptake obtained in the GCM. In summary, our study suggests that changes of highlatitude dynamical processes have a strong influence on the global stratification and the ocean heat uptake and its vertical distribution. In contrast, the contribution of diapycnal mixing in maintaining the ocean stratification and the ocean heat uptake is of secondary importance.
We have not addressed the impact of variability in surface wind stress and MOC changes due to NADW formation on ocean heat uptake and, in particular, whether this can explain the slowing down of surface warming observed over the past decade (e.g., Meehl et al. 2007 ). Moreover, the conceptual model can only be used as a diagnostic tool to analyze the ocean heat content and presently cannot include feedbacks between the ocean and atmospheric radiative forcing because the surface temperature variation is prescribed. We plan to modify the model in a future study to include such feedbacks in order to explore how the rate of surface warming varies under different anthropogenic forcing scenarios.
A further potential application of the model is climate change over different geological periods such as a the Last Glacial Maximum in which changes in the strength of AABW are believed to have played an important role (e.g., Toggweiler et al. 2006; de Boer et al. 2010b; Ferrari et al. 2014 ). While the model does not yet have an explicit parameterization of AABW formation, the latter might be prescribed in a similar manner to the prescription of NADW formation rates in the present paper, although there are issues surrounding how such a prescription might interact with the parameterization of Southern Ocean eddy transports. Moreover, such a model might be extended to incorporate biogeochemical tracers following the approach of Goodwin (2012) .
Finally, we hope that the conceptual 1D model developed in this manuscript, in which ocean circulation and associated water mass transformation are fundamental to reproducing the vertical structure and time scale of adjustment of ocean heat uptake, might replace the ''upwelling diffusion'' slab models and simple box models in which nondiffusive vertical heat transports are represented through enhanced vertical diffusion.
